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Abstract: SO2 and H2S are the two most important gas-phase sulfur species emitted by volcanoes,
with a global amount from non-explosive emissions of the order 10 Tg-S/yr. These gases are readily
oxidized forming SO4

2´ aerosols, which effectively scatter the incoming solar radiation and cool the
surface. They also perturb atmospheric chemistry by enhancing the NOx to HNO3 heterogeneous
conversion via hydrolysis on the aerosol surface of N2O5 and Br-Cl nitrates. This reduces formation
of tropospheric O3 and the OH to HO2 ratio, thus limiting the oxidation of CH4 and increasing
its lifetime. In addition to this tropospheric chemistry perturbation, there is also an impact on
the NOx heterogeneous chemistry in the lower stratosphere, due to vertical transport of volcanic
SO2 up to the tropical tropopause layer. Furthermore, the stratospheric O3 formation and loss, as
well as the NOx budget, may be slightly affected by the additional amount of upward diffused
solar radiation and consequent increase of photolysis rates. Two multi-decadal time-slice runs of
a climate-chemistry-aerosol model have been designed for studying these chemical-radiative effects.
A tropopause mean global net radiative flux change (RF) of ´0.23 W¨m´2 is calculated (including
direct and indirect aerosol effects) with a 14% increase of the global mean sulfate aerosol optical depth.
A 5–15 ppt NOx decrease is found in the mid-troposphere subtropics and mid-latitudes and also
from pole to pole in the lower stratosphere. The tropospheric NOx perturbation triggers a column
O3 decrease of 0.5–1.5 DU and a 1.1% increase of the CH4 lifetime. The surface cooling induced by
solar radiation scattering by the volcanic aerosols induces a tropospheric stabilization with reduced
updraft velocities that produce ice supersaturation conditions in the upper troposphere. A global
mean 0.9% decrease of the cirrus ice optical depth is calculated with an indirect RF of ´0.08 W¨m´2.

Keywords: climate-chemistry-aerosol model; non-explosive volcanic eruptions; atmospheric sulfur
budget; sulfate aerosols; aerosol chemical-radiative effects; upper tropospheric ice particles

1. Introduction

Mineral dust and gas-phase sulfur species are the most important volcanic emissions for aerosols.
Primary dust from continuous eruptive activity, however, represents on average only 1% or less than
soil dust emission [1]. Much greater amounts of dust are normally injected into the stratosphere
during large explosive eruptions, but the stratospheric lifetime of these coarse-mode particles is short
(about 1–2 months), due to their rather fast removal by gravitational settling. Sulfur emissions from
non-explosive volcanoes, on the other hand, are of the order of 10% of the sum of anthropogenic and
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oceanic (DMS) sulfur and represent a significant source for tropospheric sulfate aerosols, mostly in the
accumulation mode with a lifetime of the order of 5–7 days [2]. A recent study by Kristiansen et al. [3],
however, has estimated a significantly longer lifetime of tropospheric aerosols, by diagnosing the
e-folding time of surface deposited Cesium 137 from the March 2011 major nuclear accident of
Fukushima, Japan (14.3 ˘ 1.3 days from station measurement data between two and nine weeks
after the start of the emission).

Volcanic sulfur emissions occur mainly in the form of SO2, but SO4
2´ aerosols and H2S may also

be present in the volcanic plume. The amount of these latter species is normally less than 1% [4], but in
some cases may be substantially larger, of the order of 10% or even 20% [5]. However, H2S oxidizes
into SO2 with a lifetime of ~2 days in the troposphere and ~10 days in the stratosphere, so that the
error made considering all the emitted sulfur in form of SO2 is normally rather small. If a large fraction
of H2S were injected in the lower stratosphere, as for example reported in the gas plume after the
1980 eruption of Mt. St. Helens [6], it would be important to consider the delayed formation of H2SO4

in the volcanic cloud. Gas phase sulfuric acid would in fact condense onto smaller particles, due to
the initial very efficient loss of coarse mode ash particles via gravitational settling. In this way, the
stratospheric lifetime of volcanic aerosols is prolonged.

The lifetime of volcanic SO2 in the troposphere is regulated by the abundance of chemical oxidants,
i.e., OH in gas phase and H2O2, O3 heterogeneously on the surface of liquid water droplets [7] or ice
particles [8], in addition to the cloud cover fraction and efficiency of dry deposition for effusive
volcanism at the surface. On global-annual average, the SO2 lifetime for tropospheric volcanic
emissions is of the order of 2 days. The lifetime of stratospheric volcanic SO2, on the other hand,
is only a function of the local abundance of OH and may become dependent on the sulfur loading
in a nonlinear way for anomalously large SO2 injections [9,10]. In fact, the sulfur dioxide oxidation
reaction OH + SO2 does not only represent the dominant sink of stratospheric SO2 (forming sulfate
after multi-step gas phase reactions), but also accelerates OH conversion into HO2, which is normally
driven by NOx and Ox in volcanically quiet conditions of the stratosphere. Its average magnitude is of
the order of 20–40 days [11,12].

Tropospheric SO2 from volcanic emissions comes from quiescent degassing or from non-explosive
eruptions, defined in terms of the volcanic explosivity index (VEI), with VEI < 4. In this case the
estimated emission flux of sulfur containing species is of the order of 8.5 Tg-S/yr [4], 7.2 Tg-S/yr [13],
14 ˘ 6 Tg-S/yr [14], 10.4 Tg-S/yr [15], 9.6 Tg-S/yr [2], with part of the uncertainty related to the years
considered in the time average. These numbers are highly uncertain, anyway, because only few of the
volcanic sources with VEI < 4 have been measured and because of the variability between different
stages of activity of the sources. Even more uncertain is the altitude specification of gas and particulate
emissions, which is a function of volcanic plume height [16] and altitude of the plate. In the present
work, we have adopted a total volcanic emission of 9.6 Tg-S/yr [2] and a fixed vertical distribution
with 30% of the emissions in the boundary layer (p > 820 hPa) and the remaining part distributed from
820 hPa up to 200 hPa [14]. All other SO2 emissions are taken from the SPARC-CCMI database (i.e.,
Stratospheric Processes And their Role in Climate-Chemistry-Climate Model Initiative) [17,18].

In their study, Graf et al. [14] have shown how the radiative forcing of volcanic sulfate is only
slightly smaller than that of anthropogenic sulfate, whose source, however, is approximately five times
larger. There are two main reasons for this finding: (a) volcanic SO2 has a significantly larger efficiency
in producing sulfate, because it is emitted in large part well above the ground surface with less dry
deposition irreversible sink [19]; and (b) a large fraction of volcanic SO4

2´ is located higher with
respect to the boundary layer, where most of the anthropogenic sulfate is produced; for this reason the
radiative efficiency of volcanic SO4

2´ is larger, because a significant fraction of the volcanic sulfate
resides above the climatological cloud top.

Sulfate aerosols from volcanic sources impact the atmospheric radiative balance not only with
direct scattering of the incoming solar radiation, but also indirectly triggering formation of warm
cloud particles. The importance of volcanic sources in determining the sulfate aerosol abundance in
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the upper troposphere (UT) [14] makes these aerosols potentially important as condensation nuclei
for ice particles [20]. In this way, they may also represent an indirect significant perturbation in the
longwave radiation balance. A correlation between UT ice clouds and explosive volcanic eruptions
has been reported in Song et al. [21]. A more recent study by Kärcher and Lohmann [22] shows
that the UT formation of ice crystals is dominated by homogeneous freezing of solution droplets
below temperatures of approximately 233 K. This physical mechanism is primarily driven by UT
temperatures and vertical velocities of adiabatically rising air parcels with higher water vapor content;
the aerosol size distribution plays only a minor role. This ice formation scheme has been used by
Kuebbeler et al. [23] for estimating the potential impact of geoengineering sulfate aerosols. They found
considerable reductions of ice crystals, due to the aerosol forced increase of UT temperatures and
decreased updraft velocity produced by the geoengineering induced stabilization of the atmosphere.

In the present study, we have used a climate-chemistry-aerosol coupled model to study direct and
indirect radiative-chemical perturbations produced by sulfate aerosols from non-explosive volcanic
emissions, both in the troposphere and lower stratosphere. Several important aerosol interactions
have been explicitly considered, namely solar and planetary radiative transfer, gas species photolysis,
heterogeneous chemistry, upper tropospheric ice crystals formation. An evaluation of model results
that are relevant for these processes has been attempted using satellite or aircraft campaign data for
aerosol products, UT ice, tropospheric NOx, upper tropospheric and lower stratospheric (UTLS) O3

and ozone column.

2. Experimental Section

The University of L’Aquila climate-chemistry-aerosol coupled model (ULAQ-CCM) used in this
study has been described in Pitari et al. [24]; we refer to this paper for model details. In the next
two subsections, we will highlight some of the features and the model setup for the specific numerical
experiments needed for the present study.

2.1. ULAQ-CCM

The ULAQ-CCM is a global scale climate–chemistry–aerosol coupled model extending from the
surface to the mesosphere (0.04 hPa). It has been widely used in the SPARC exercises CCMVal-1 and
CCMVal-2, for climate-chemistry model evaluation. The most recent version of the ULAQ-CCM has
been documented in Pitari et al. [24]. The most important updates with respect to the model version
used in CCMVal deal with the increase of vertical/horizontal resolution, inclusion of a homogeneous
freezing code for the formation of UT cirrus ice particles [22], use of JPL-2011 photolysis cross
sections [25], spherical geometry/refraction for twilight conditions, inclusion of solar cycle for
top-of-atmosphere radiation fluxes and use of a two-stream delta-Eddington radiative transfer
code. The latter has been evaluated in SPARC-Photocomp-2011 [26] and in AeroCom-2011 [27].
The ULAQ-CCM also includes an external forcing code for the QBO, using a time series of observed
monthly equatorial zonal winds from 1960 to 2010 [28].

The chemistry module is organized with long-lived and surface-flux species, medium and
short-lived species grouped in the families (Ox, NOy, HOx, CHOx, Cly, Bry, and SOx), and aerosols.
In total, there are 40 transported species, 26 species at photochemical equilibrium, and 57 size categories
for the aerosols. The photochemistry module is organized with 140 gas-phase reactions, 45 photolysis
reactions and 30 heterogeneous reactions on the surface of sulfate aerosols, nitric acid trihydrate and
ice particles or water droplets.

Tropospheric and stratospheric aerosol components (sulfate, nitrate, organic and black carbon,
soil dust, sea salt, PSCs) are included on-line in the model, using a sectional approach. The sulfate
aerosol module includes SOx chemistry, gas–particle conversion starting from gas phase and
aqueous/ice SO2 oxidation (by OH and H2O2, O3, respectively) and microphysical processes for aerosol
growth (homogeneous/heterogeneous nucleation, coagulation, and condensation/evaporation).
Wavelength-dependent aerosol optical thickness and single scattering albedo are calculated at all
vertical layers in the model, allowing on-line interactive calculation of up/down diffuse radiation and
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absorption of solar near-infrared and planetary radiation. This is relevant for species photolysis and
O3 heating rates. The surface area density of sulfate aerosols and PSCs is calculated interactively in
the model starting from the calculated size distribution of these particles, as well as the stratospheric
denitrification and dehydration rates [29]. This allows an explicit full coupling of aerosol, chemistry
and radiation modules in the ULAQ-CCM.

The updated radiative transfer module operating on-line in the ULAQ-CCM is a two-stream
delta-Eddington approximation model for the calculation of photolysis rates in the ultra-violet (UV)
to visible (VIS) wavelengths and for solar heating rates and radiative forcing in UV-VIS and solar
near-infrared (NIR) bands [30]. A companion broadband, k-distribution longwave radiative module is
used to compute radiative transfer and heating rates in the planetary infrared spectrum [31,32].

2.2. Numerical Experiment Setup and Sulfur Budget

In order to study volcanic emission effects on aerosol extinction, optical depth, surface area
density, UT ice particles, SO4, NOx, O3 mixing ratios and O3 column, two different scenarios have been
prepared, one including non-explosive volcanic emissions and the other excluding them. Volcanic SO2

emissions are taken from Penner et al. [2], with a global amount of 9.6 Tg-S/yr and a fixed vertical
distribution, as discussed in the introduction section (see also the model formulation summary
in Appendix).

The model has been run for two time-slice simulations of 20 years each, with year 2000 atmospheric
chemistry conditions, as specified in the SPARC-CCMI modeling exercise [17] for surface mixing ratios
of long-lived species and surface fluxes of NOx, CO, VOC SO2 and tropospheric aerosols. Observed sea
surface temperatures (SSTs) from 1991 to 2010 are used in the simulations to produce a realistic
interannual variability. The “reference” simulation (REF) does not include the volcanic aerosols, which
are included, on the other hand, in the “volcanic emission” case (VE). Aerosol-chemistry-radiative
perturbations are calculated as VE-REF using an average over the last 15 years of each simulation
(1996–2010).

An assumption has been made in our experiment, in order to isolate the chemical-radiative effects
of aerosols in the calculation of VE-REF anomalies of the chemical species. Changes in temperature
and wind fields due to the volcanic aerosols would in fact mask their direct chemical-radiative effects
on tracer species and for this reason the VE case has been run with the same temperature and winds as
the REF simulation in the chemistry-transport module. In other words, the experiments have been
designed in such a way as to retain only the volcanic aerosols direct effects on species photolysis and
surface area density in the chemistry-transport module. This is particularly important for the rather
small VE-REF ozone anomalies in the lower stratosphere. It should be considered, however, that
accounting for additional feedbacks (i.e., temperature and winds) may affect the magnitude of these
perturbations. On the other hand, aerosols from non-explosive volcanoes are largely located in the
troposphere and do not produce any stratospheric warming and westerly wind anomaly, contrary to
aerosols from major volcanic eruptions which may significantly affect the stratospheric Brewer-Dobson
circulation [12].

Climate and dynamical changes, however, are obviously considered for the prediction of UT
cirrus ice particles. Following the parameterization described in Kärcher and Lohmann [22], ice
particle number density and size are primarily controlled by temperature and by the updraft velocity
magnitude, which in turn regulates the adiabatically raising amount of water vapor that may eventually
produce ice supersaturation conditions for homogeneous freezing. These dynamical variables may
obviously be significantly affected by climate perturbations induced by the volcanic aerosols. In order
to avoid an obvious bias in the model prediction of VE-REF climate changes, an approximated simple
approach is used for SSTs in the REF simulation. In this no-volcano case, SSTs are specified using the
same observed values as for the VE case [33], but decreased with a uniform globally averaged value
∆T = 0.07 K, calculated as ∆T = 0.3 ˆ RF [34], where RF is the globally averaged radiative flux change
at the tropopause due to the non-explosive volcanoes (see ahead Section 3.5).

The sulfur budget in the ULAQ-CCM is summarized in Table 1: SO2 and SO4
2´ calculated lifetimes

are 2.1 and 5.7 days, respectively. These values are consistent with independent estimates [7,14,35].
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The sulfate lifetime (almost entirely determined by SO4
2´ wet deposition) is in the range of values

reported in Penner et al. [2] (4.9 ˘ 1.0 days) and ~15% longer than the mean value. On the other
hand, it is less than half the value indirectly estimated for tropospheric aerosols in a recent study by
Kristiansen et al. [3], obtained by diagnosing the e-folding time of surface deposited Cesium 137 from
the March 2011 major nuclear accident of Fukushima, Japan (14.3˘ 1.3 days from station measurement
data between 2 and 9 weeks after the start of the emission). The calculated SO2 lifetime is also in
the range of values reported in Penner et al. [2] (1.8 ˘ 1.0 days), as well as SO2 and SO4

2´ burdens
(0.46 ˘ 0.14 and 0.77 ˘ 0.19 Tg-S, respectively). Table 1 also shows the efficiency of sources in sulfate
production (defined as the fractional contribution to the sulfate burden divided by the fractional source
strength). The ULAQ-CCM calculated efficiency for non-explosive volcanoes is 1.64, which is a factor
1.8 larger than the efficiency calculated for the other sources. Qualitatively similar results were found
in Graf et al. [14]; however, the efficiency was even larger than in our case (2.63) and a factor of 3 larger
than for the other sources. The main reason for this difference should be found in their choice of
a larger SO2 dry deposition on land (0.6 cm/s) [36], with respect to 0.1 cm/s as in our case [37], which
implies a significant longer lifetime for anthropogenic SO2. The sulfur efficiency was recalculated by
Feichter et al. [38], with this update for the SO2 dry deposition velocity. They found a decrease by
a factor 2.3 of the ratio between volcanic and anthropogenic efficiency. The dry deposition irreversible
sink of SO2 near the surface is indeed the direct justification for the larger efficiency of volcanic sulfur,
due to the significant fraction of their emission taking place above the boundary layer.

Table 1. Sulfur emission fluxes of SO2 and SO4
2´ and calculated global-annual mean burden.

Last column shows the efficiency in sulfate production, defined as the fractional contribution to
the sulfate burden divided by the fractional source strength [14]. The calculated lifetimes are 2.1 days
for SO2 and 5.7 days for SO4

2´.

Sulfur Emission
(Tg-S/yr)

SO2 Burden (Tg-S)
(%)

SO4
2´ Burden

(Tg-S) (%)
Efficiency

Total 98.4 0.56 Tg-S 0.61 Tg-S -
Anthropogenic Biomass Burning
Oceanic (DMS) OCS photolysis 88.8 86% 84% 0.93

Non-Explosive Volcanoes 9.6 14% 16% 1.64

The latitudinal distribution of sulfur emissions from non-explosive volcanoes is shown in Figure 1,
with superimposed the model calculated aerosol optical depth (AOD) from this volcanic source
(λ = 0.55 µm). The calculated globally-annually averaged AOD is 5.3 ˆ 10´3, that is 14% of the REF
value (i.e., the AOD from all other sulfur sources: anthropogenic, biomass burning, oceanic and
OCS photolysis) and 12% of the total VE AOD. The calculated zonal mean AOD closely follows the
emissions, due to the rather short lifetime of tropospheric sulfate. Volcanic emissions are largely
localized in the tropics and subtropics, with the greatest contribution from the so-called “Pacific ring
of fire” (see Appendix).

One of the key points in the present study is to assess the link between the tropospheric source
of volcanic sulfur and its effects in the lower stratosphere, through heterogeneous chemical reactions
and perturbation of photolysis rates. For this reason, we present in Table 2 the stratospheric sulfur
budget, with calculated lifetimes of 30 days for SO2 and 1.0 year for SO4

2´. These lifetimes are
consistent with the e-folding time of stratospheric SO2 and SO4

2´ after explosive eruptions, from
both measurements [11] and model calculations [12,39]. The SO2 stratospheric source is set equal
at the steady state to the OH loss rate integrated above the thermal tropopause (0.145 Tg-S/yr),
with non-explosive volcanoes representing a 5.0% contribution to it (0.007 Tg-S/yr), via SO2 deep
convection and large-scale vertical ascent up to the tropical tropopause layer (TTL) [40] (see Appendix).
The stratospheric SO4

2´ source is set equal at the steady state to the sulfate loss calculated as the net
downward flux at the thermal tropopause, due to large-scale transport and gravitational sedimentation
of aerosol particles. According to the ULAQ-CCM, ~90% of this source is from SO2 oxidation by OH
and the remaining 10% comes from tropospheric sulfate aerosols transported at the TTL. A stratospheric
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sulfate source of 0.010 Tg-S/yr comes from TTL sulfur of volcanic origin, 0.007 Tg-S/yr of which are
from TTL transported SO2 and the remaining 0.003 Tg-S/yr from TTL transported sulfate.Atmosphere 2016, 7, 85  6 of 24 
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Figure 1. Calculated zonally and annually averaged total optical depth of sulfuric acid aerosols from
non-explosive volcanoes at λ = 0.55 µm (red line, right axis scale, ˆ103) and related SO2 emissions
(black line, left axis scale, units kg-S¨ km´2¨ yr´1).

Table 2. Calculated global-annual mean stratospheric sources and burden of SO2, SO4
2´. Stratospheric

sources are indirectly obtained from steady state integrated losses of SO2 and SO4
2´ above the

tropopause. The stratospheric sulfate loss is calculated as the net downward flux at the tropopause,
due to large-scale transport (i.e., Brewer-Dobson circulation) and gravitational sedimentation.
The calculated lifetimes are 30 days for SO2 and 12.2 months for SO4

2´.

SO2 Source
(Tg-S/yr)

SO2 Burden
(Tg-S) (%)

SO4
2´ Source

(Tg-S/yr)
SO4

2´ Burden
(Tg-S) (%)

Stratospheric 0.145 0.0120 Tg-S 0.160 0.162 Tg-S
Anthropogenic Biomass
Burning Oceanic (DMS)

OCS photolysis
0.138 95% 0.150 94%

Non-Explosive Volcanoes 0.007 5.0% 0.010 6.0%

The model calculated annual mean SO2 mixing ratios at the TTL are 27 and 29.5 pptv for REF and
VE simulations, respectively, with a standard deviation σ = 5 pptv calculated as the average value of
the monthly mean dispersion over the 15 years considered in the simulation time average. These are
consistent with the value of 25 ˘ 10 pptv obtained from MIPAS measurements taken from 2002 to 2012,
excluding the periods affected by volcanic eruptions that had reached the lower stratosphere [41].

3. Results and Discussion

In this section, we will first present the model results in terms of aerosol products along with
their evaluation using satellite data, then the volcanic aerosol impact on UT cirrus ice particles, on
tropospheric and stratospheric chemistry and finally on tropopause radiative fluxes (with direct and
indirect effects). Satellite and aircraft data will be used to evaluate the model calculated aerosol
products, tropospheric NOx profiles, UTLS O3 distribution and ozone column.

3.1. Aerosol Products

The vertical profiles of aerosol extinction calculated using the size distribution of the various
aerosol families in the ULAQ-CCM (i.e., sulfate, organic and black carbon, nitrates, soil dust and sea
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salt) are shown in Figure 2 and compared with SAGE-II data [39], averaged over 1999–2002. Except for
some overestimation at the northern mid-latitudes in the UTLS, the ULAQ model is consistent with
observations and normally in their uncertainty range. The calculated UTLS AOD (i.e., the extinction
vertical integral) is presented in Figure 3a and compared with SAGE-II data, showing again a good
agreement and some overestimation at the northern mid-latitudes: the tropical and mid-latitude
VE-REF anomaly is in the 10-30% range. The model calculated total AOD (i.e., from the surface to the
top of atmosphere) is compared with AVHRR retrievals [42,43] and AERONET data [44] in Figure 3b:
the ULAQ-CCM overestimation in the NH subtropics is most likely related to insufficient removal of
desert dust aerosols.
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Figure 3. (a) ULAQ model zonally and annually averaged UTLS aerosol optical thickness (5.5–25.5 km)
for VE and REF cases, evaluated with SAGE-II data (1999–2002 average); (b), as in (a), but for
the total aerosol optical thickness, evaluated with zonally averaged AVHRR data over the oceans:
AVHRR-1 [42]; AVHRR-2 [43], and AERONET values at tropical and Northern Hemisphere stations
(years 2007–2009) [44]. The AVHRR retrieval of Zhao et al. [42] refers to years 1985–1988, the one of
Mishchenko et al. [43] to years 1985–1988, with a different retrieval algorithm.
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A realistic model calculation of the sulfate aerosol surface area density is essential for correctly
treating the NOx heterogeneous removal in the troposphere and lower stratosphere, via hydrolysis
of N2O5 and BrONO2. In the vertical layer close to UT cold point, the hydrolysis of ClONO2 is
also important as a NOx sink, not only on sulfate aerosols, but also on the surface of ice particles.
The latter are also considered in the ULAQ model for the N2O5 and BrONO2 reactions in the whole
UT, where cirrus ice may form (see ahead). A comparison of the model calculated surface area density
(SAD) for all the aerosol particles (which is essentially sulfate SAD in the stratosphere and upper
troposphere) is attempted in Figure 4, using SAGE-II derived values. The latter are indirectly obtained
from extinction values, so that the contribution of fine particles smaller than the optically active ones
in the accumulation mode is not properly captured. For this reason, the comparison in Figure 4 is
made with the SAD calculated in the ULAQ model by truncating the size distribution at r = 0.05 µm
and ignoring smaller aerosols. The UTLS overestimation in the Northern Hemisphere mid-latitudes
is consistent with what was shown in Figures 2 and 3 for extinction and optical depth, respectively,
whereas the overestimation in the tropical UT is most likely related to the adopted radial truncation in
the model. The latter is in fact the region where homogeneous nucleation is most active in forming
H2SO4-H2O molecular clusters and then ultrafine and fine sulfuric acid aerosols, via coagulation and
gas condensation [45]. It is thus difficult to operate here a robust comparison with the SAGE-II derived
SAD values.
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Figure 4. As in Figure 2, but for the aerosol SAD. The model calculated SAD includes aerosols with
r > 0.05 µm.

Zonally and annually averaged VE-REF changes of aerosol extinction and SAD are presented
in Figures 5 and 6, respectively. The large relative changes of these two quantities in the mid-upper
tropical troposphere (~20%–60%) are the direct consequence of the relatively high altitude where
a significant fraction of the volcanic emissions is located (~50% above 600 hPa), mostly from the
tropical Pacific region. This significantly reduces the volcanic sulfate removal by wet deposition
compared to anthropogenic or marine sulfate and greatly increases the volcanic SO2 efficiency in
producing SO4, following the definition given in Table 1. This large SAD increase produced by volcanic
emissions in the mid-upper troposphere will be found to have a significant impact on tropospheric
chemistry (see Section 3.3).
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increment is 1 µm2¨ cm´3 in panel (a) and 6% in panel (b).

3.2. Upper Tropospheric Cirrus Ice Perturbation

Formation of UT ice particles may take place via heterogeneous and homogeneous freezing
mechanisms [46]. Knowledge of the ice supersaturation probability is the starting point for the
microphysical model calculations. In the ULAQ-CCM a simple parameterization is adopted, starting
from climatological frequencies of relative humidity, from which a mean value and a standard deviation
are calculated for the distribution of water vapor mixing ratios. Local ice super-saturation conditions
(RHICE > 100%) are a result of turbulent adiabatic ascent [22] and can be found at temperatures below
238 K and below the tropopause. A normal-distribution grid-point probability that RHICE > 100% can
be calculated using the water vapor mixing ratio distribution. This represents the probability that an
ice particle could be formed via heterogeneous freezing on a preexisting population of ice condensation
nuclei (PHET), typically mineral dust transported from the surface or freshly emitted non-hydrophobic
aviation BC particles (NICN). The number of ice particles formed via heterogeneous freezing (NHET) is
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calculated using the ULAQ microphysical scheme for polar stratospheric ice particles formation [47],
with NICN used as the population of available condensation nuclei and PHET as the probability that
RHICE > 1.1 at any model grid point [46].

UT ice particles may also form by means of homogeneous freezing of supercooled aerosols, which
is spontaneous freezing of solution droplets for temperatures below 238 K [48]. This process takes place
for higher ice supersaturation ratios, with respect to heterogeneous freezing, typically RHICE > 1.5 [46],
for which a probability PHOM can be calculated in the ULAQ-CCM. The number of ice crystals formed
through this process (NHOM) mainly depends on temperature and vertical velocity, whereas the aerosol
size distribution plays only a minor role [22]. Under normal UT conditions, it dominates ice particle
formation with respect to the heterogeneous freezing mechanism. Higher vertical velocities produce
higher RHICE and more ice crystals can be formed before the level of supersaturation decreases
following water vapor deposition on the ice crystals. On the other hand, lower temperatures lead
to more ice crystals because the water vapor deposition is slower and the nucleation rate is faster.
The numerical scheme adopted in the ULAQ model is the one developed in Kärcher and Lohmann [22],
and this assumes that basic physical processes determine the number of ice crystals (NHOM) formed
during an adiabatic ascent, including temperature and updraft speed. The latter is calculated as
a function of the turbulent kinetic energy (TKE), following the method outlined in Lohmann and
Kärcher [49].

UT ice extinction anomalies VE-REF calculated in the ULAQ-CCM are presented in Figure 7a
and are of the order of 3% of the calculated VE values in the tropical layer at 10–12 km altitude
(Figure 7b). The anomalies are negative in the whole UT, as a result of the surface cooling produced
by the volcanic aerosol additional radiation scattering. This result is qualitatively consistent with
the findings of Kuebbeler et al. [23] for geoengineering sulfate aerosols. They note that the eruption
of Mt. Pinatubo cooled the Earth’s surface globally by ∆T ~0.5 K. The surface cooling produced
by geoengineering or major explosive eruptions modifies the tropospheric vertical temperature
distribution, also for the tropical stratospheric warming [12]. This induces a stabilization of the
troposphere and reduces the vertical velocity associated to TKE. The simulations of Kuebbeler et al. [23]
suggest that the reduced vertical velocity directly influence the rate of homogeneously formed ice
crystals. The ULAQ-CCM simulations also show a reduction in the formation of ice crystals in the
10–12 km altitude layer over the tropics, due to the simultaneous decrease of vertical velocities and
temperature. The UT cooling effect tends to offset the reduction in updraft above 12 km altitude up to
the tropical tropopause, with a slight increase in the concentration of ice particles. However, the model
also shows a decrease of the particle radius above 10 km of altitude up to the tropical tropopause due
to the temperature decrease, so that a combination of the model calculated anomalies of ice number
concentration and radius produces an ice extinction decrease extended over the whole UT region
(Figure 7a) (´0.9% globally).

An evaluation of the model calculated number concentration (Ni) of UT ice particles is
difficult, because one of the critical parameters at the time of ice formation (i.e., updraft vertical
velocity producing ice supersaturation) is usually not known. In addition, very few in situ
measurements are available for ice clouds formed in rising air parcels with relatively slow vertical
velocities (10–20 cm¨ s´1), which are typical values obtained in a large-scale model as a function
of TKE. However, as noted in Kärcher and Lohmann [22], their scheme for ice crystals formation
via homogeneous freezing is in general very good agreement with airborne measurements of
Ström et al. [50]: they reported Ni = 0.3 cm´3 in a young cirrus cloud at T = 220 K, with w~0 on
average and ~20 cm¨ s´1 as a standard deviation. The Kärcher and Lohmann [22] scheme predicts
Ni = 0.18 cm´3 with w = 10 cm/s and Ni = 0.5 cm´3 with w = 20 cm¨ s´1 at T = 220 K. The ULAQ-CCM
predicts a climatological average value of NHOM = 0.02 cm´3, with w = 22 ˘ 2 cm¨ s´1 and an average
probability PHOM = 4% (at T = 220 K, p = 200 hPa in the tropical region). It should be noted that this
PHOM is consistent with the distribution of vertical velocities in the ULAQ-CCM, considering that the
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values recorded by Ström et al. [50] (i.e., w = 0 ˘ 20 cm¨ s´1) imply a probability of ~4.4% for a w range
of 20–24 cm/s (i.e., the ˘1σ interval in the ULAQ-CCM).Atmosphere 2016, 7, 85  11 of 24 
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Due to the typical size of these ice particles (r~20 µm), the extinction values (πr2QextNHOM) are
close to half of the particle SAD, because Qext~2. The UT tropical ice SAD is then typically in the range
of 50–100 µm2¨ cm´3, which is almost two orders of magnitude larger than the sulfate aerosol SAD in
the same region. The efficiency of the heterogeneous NOx sink on ice is then significantly larger than
on sulfate, even though the reaction probability of N2O5 on ice is approximately a factor of 5 smaller
than on sulfate. In addition, the hydrolysis of N2O5 may reach saturation in presence of high SAD
values [51].

3.3. Tropospheric Chemistry Perturbation

The impact of volcanic aerosols on tropospheric chemistry is mainly produced by the enhancement
of sulfate SAD available for heterogeneous chemical reactions that act as a NOx sink (i.e., hydrolysis
of N2O5 and bromine, chlorine nitrates). This type of removal contributes to the net NOx loss term
along with NO2 reactions with OH (forming HNO3) and organic radicals (forming PAN and organic
nitrate aerosols). It is then important to consider also the NOx partition into NO and NO2, which
is regulated by the abundance of O3 and the photolysis of NO2. The consequent NOx depletion is
evident in Figure 8a: it follows the relative changes of sulfate SAD, coupled to the fact in proximity
to the equator the dominant NOx mechanisms for production and loss are convection and lightning,
on one side (production), and depletion by OH, on the other side (loss). The tropical UT increase, on
the other hand, is produced by the reduced impact of the sulfate SAD enhancement in presence of
a large background ice SAD, which in turn decreases (as shown in Figure 7a); and by the simultaneous
increase of NO2 photolysis due to the additional radiation scattering by the volcanic aerosols (see
Section 3.4). A decreased amount of NO2 in favor of NO makes the NOx to HNO3 conversion less
effective. The OH perturbation (Figure 8b) is directly linked to that of NOx and is important for
tropospheric chemistry because it regulates the CH4 lifetime [52,53] and its longwave forcing in the
global radiative budget (see Section 3.5). The O3 perturbation (Figure 8c) is also regulated by that of
NOx, because the tropospheric O3 production is regulated by NO reactions with HO2 and organic
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radicals RO2 (mainly CH3O2). The most important O3 removals are dry deposition in the boundary
layer and reactions with HOx in the free troposphere (with decreasing OH and increasing HO2).
Tropospheric O3 changes may also be non-negligible for the global radiative budget.Atmosphere 2016, 7, 85  12 of 24 
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Figure 8. (a) Tropospheric NOx changes (VE-REF) (pptv); (b) as in (a), but for OH (pptv); and (c) as in
(a), but for O3 (ppbv). The contour line increments are: 1.5 pptv (a); 0.0015 pptv; (b) and 0.3 ppbv (c).

A sample evaluation of model results for tropospheric NOx is made in Figure 9, using data from
a collection of aircraft campaigns [54]. Solid blue and dashed red lines show model profiles (VE
and REF, respectively) at the same latitude and longitude of the campaign, including the uncertainty
interval of the observations (˘1σ). In general, the modeled vertical profiles conform to the range of
variability of the measurement data, with VE profiles highlighting a ~20% reduction of the REF mixing
ratios in the mid-tropospheric subtropics and northern mid-latitudes (see also Figure 8a). The range
of uncertainty in the measurements is too large for drawing conclusions on the relevance of the NOx
depleting effect due to the volcanic aerosol SAD.

An evaluation of the model calculated O3 mixing ratios in the troposphere and lower stratosphere
is presented in Figure 10, using HALOE and TES/Aura satellite data. The large latitudinal gradient
of the O3 mixing ratio is well captured by the ULAQ model. It is worth noting that the O3 retrieval
from TES/Aura radiances in the UTLS features a tendency to overestimate the chemical tracer with
respect to HALOE observations. The O3 column is compared to NIWA combined total column ozone
data [55] in Figure 11, where we also show the calculated O3 column changes (VE-REF). The negative
column ozone changes from 40S to 40N are in the range ´0.5 DU to ´1.0 DU; these are largely due to
the mid-tropospheric negative values shown in Figure 8c and produced by the NOx depletion caused
by the volcanic aerosols. The NOx depletion in the lower stratosphere also plays a significant role (see
Section 3.4). The annual mean zonally averaged total column is in very good agreement with NIWA
data, except for a model underestimation in the Southern Hemisphere sub-polar region.
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Figure 9. Tropospheric NOx evaluation of ULAQ model results for experiments VE and REF,
using data from a collection of aircraft campaigns [54]: (a) PEM-Tropics-A-DC8 (Christmas Island,
August–October 1996); (b) as in (a), but for Fiji; (c) PEM-West-A-DC8 (Hawaii, September–October
1991); (d) TRACE-A-DC8 (East Brazil Coast, September–October 1991); (e) as in (c), but for China Coast;
and (f) as in (c), but for Japan. Units are pptv (NOx volume mixing ratio). The thick-black solid lines
show the observations mean values; the uncertainty intervals are shown with solid whiskers (˘1σ)
and dotted whiskers (minimum and maximum). Blue solid and red dashed lines are for VE and REF
results of the ULAQ model, respectively.
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Figure 10. Evaluation of ULAQ model calculated O3 (VE case), using observations from HALOE [56]
and TES/Aura Level 3 ozone monthly data [57]. (a–c) Annual mean latitudinal sections in ppmv, at
pressure layers: (a) 50–100 hPa; (b) 100–200 hPa; and (c) 200–500 hPa. The grey areas show ˘1σ of
the climatological zonal mean values (averaged over years 1991–2005 for HALOE, and 2005–2012 for
TES/Aura).
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Figure 11. (a) Evaluation of the ULAQ model calculated O3 column (zonally and annually averaged
values for the VE simulation), using NIWA combined total column ozone data [55]; and (b) calculated
O3 column changes (VE-REF) in DU and percent.

3.4. Stratospheric Chemistry Perturbation

Tropospheric SO2 in the tropical region can be efficiently transported vertically up to the TTL
(see Table 2), via deep convection from the boundary layer and large-scale vertical ascent [40].
This represents one of the main sources for stratospheric sulfate, along with photolysis of
OCS [39,47,58]; the role of OCS as a source for stratospheric sulfate has been recently re-examined in
Sheng et al. [59].

If we look at sulfate changes produced by the volcanic aerosols in the UTLS (Figure 12a), we
obtain a clear “secondary maximum” of the SO4 anomaly immediately above the tropopause from pole
to pole, following this SO2 fast transport to the TTL, subsequent OH oxidation and sulfate formation
and finally isentropic large-scale transport towards mid-high latitudes. Here the SO4 lifetime is much
longer than in the troposphere and most of all with respect to the tropical UT, where efficient sulfate
loss may take place via ice sedimentation. An average of the sulfate SAD changes above the tropopause
and up to 25 km altitude is presented in Figure 12b, with relative changes peaking up at 10%–15% in
the Southern Hemisphere. Here the REF SAD is on average smaller than in the Northern Hemisphere,
where much larger values of tropospheric SO2 come from anthropogenic emissions. The impact of
sulfate and ice SAD changes on the total heterogeneous loss frequency of NOx (i.e., hydrolysis of
N2O5, BrONO2, ClONO2) is presented in Figure 12c. Above the tropopause, the relative changes of
the NOx heterogeneous loss frequency are well correlated with the SAD relative changes shown in
Figure 12b. Much smaller or even negative changes are found in the upper troposphere, due to the
large background ice SAD and its negative VE-REF changes (Figure 7) (although the latter are rather
small in percentage of the background magnitude, when compared to the sulfate SAD relative changes
seen in Figure 6b).

Sulfuric acid aerosol SAD affects primarily NOx in the lower stratosphere and also the abundance
of chlorine/bromine radical species, following the decrease of Cl/Br nitrates associated to the enhanced
NOx conversion into nitric acid. The VE-REF NOx anomaly in the UTLS is presented in Figure 13a
and (as expected) is consistent with the increase of the NOx heterogeneous loss frequency changes
seen in Figure 12c. A mid-stratospheric NOx increase is also calculated (~10–30 pptv in the vertical
layer from approximately 23 to 35 km altitude) and it is due to the volcanic aerosol induced increase
of NO2 photolysis, because more UV-A radiation is diffused upward (see Figure 14a). This produces
also part of the tropical UT increase of NOx (as discussed in Figure 8). An increase of J-NO2 tends
to move the NOx partition more in favor of NO respect to NO2, thus decreasing the efficiency of the
main gas phase NOx removal mechanism, i.e., NO2 + OH Ñ HNO3. The same photolysis effect is
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produced on J-O3 (see Figure 14a): this positive change, coupled with the increased NOx amount,
induces the mid-stratospheric O3 decrease presented in Figure 13b (~10–30 ppbv in the vertical layer
from approximately 25 to 35 km altitude). The slight O3 increase in the tropical lower stratosphere
(~18–25 km) comes from the so-called self-healing effect: UV radiation is enhanced in the layer below
the region of O3 decrease, promoting an increase of O2 photolysis (Figure 14b) and then producing
additional O3 [60,61].

Atmosphere 2016, 7, 85  16 of 24 

 

induces the mid-stratospheric O3 decrease presented in Figure 13b (~10–30 ppbv in the vertical layer 

from approximately 25 to 35 km altitude). The slight O3 increase in the tropical lower stratosphere 

(~18–25 km) comes from the so-called self-healing effect: UV radiation is enhanced in the layer below 

the region of O3 decrease, promoting an increase of O2 photolysis (Figure 14b) and then producing 

additional O3 [60,61]. 

 

Figure 12. (a) Zonally and annually averaged UTLS changes of SO4 (pptv, the contour line increment 

is 3 pptv); (b) aerosol SAD change averaged between the tropopause and 25 km altitude (zonal annual 

mean), in absolute units (µm2·cm−3, left scale, black line) and in percent (right scale, red line); and (c) 

zonally and annually averaged heterogeneous loss frequency changes of NOx (percent, with contour 

line increment 2.5%). Black dashed lines in panels (a) and (c) show the pressure altitude of the mean 

thermal tropopause ±1σ, where the standard deviation is relative to the monthly variability. 

 

Figure 13. (a) Zonally and annually averaged UTLS NOx mixing ratio changes (VE-REF) (pptv; 

contour line spacing 0.15 pptv); and (b) zonally and annually averaged stratospheric O3 mixing ratio 

changes (VE-REF) (ppbv; contour line spacing is 5 ppbv between −30 and −5 ppbv; it is 1 ppbv between 

−5 and 10 ppbv). 

Figure 12. (a) Zonally and annually averaged UTLS changes of SO4 (pptv, the contour line increment
is 3 pptv); (b) aerosol SAD change averaged between the tropopause and 25 km altitude (zonal annual
mean), in absolute units (µm2¨ cm´3, left scale, black line) and in percent (right scale, red line); and
(c) zonally and annually averaged heterogeneous loss frequency changes of NOx (percent, with contour
line increment 2.5%). Black dashed lines in panels (a) and (c) show the pressure altitude of the mean
thermal tropopause ˘1σ, where the standard deviation is relative to the monthly variability.
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Figure 13. (a) Zonally and annually averaged UTLS NOx mixing ratio changes (VE-REF) (pptv; contour
line spacing 0.15 pptv); and (b) zonally and annually averaged stratospheric O3 mixing ratio changes
(VE-REF) (ppbv; contour line spacing is 5 ppbv between ´30 and ´5 ppbv; it is 1 ppbv between ´5
and 10 ppbv).
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Figure 14. (a) VE-REF percent changes of J-NO2 and J-O3 (tropics, diurnal average). Dotted lines
include only the aerosol perturbation. Dashed lines also include tropospheric O3 changes. Solid lines
include stratospheric and tropospheric O3 changes in addition to the aerosol perturbation. (b) Same as
the solid lines in panel (a), but for the O2 photolysis.

3.5. Tropopause Radiative Flux Changes

The ULAQ Radiative Transfer Module (ULAQ-RTM) was used to calculate the radiative flux
changes at the tropopause, related to VE-REF differences for both gases and aerosols. The ULAQ-RTM
uses a Mie scattering program to process aerosol optical properties from the OPAC database and size
distributions from the ULAQ-CCM to compute the relevant wavelength-dependent aerosol optical
properties (extinction, absorption and asymmetry parameter at all vertical layers of the model) [30,32].
All-sky cloud coverage is computed using a maximum-random overlapping scheme from MODIS
Terra and Aqua Level 3 data, while surface albedo is derived from MERRA 2D data.

An overall synthesis of the radiative calculations is presented in Table 3, with globally and
annually averaged direct and indirect tropopause radiative flux changes (VE-REF). The calculated
column ozone change above the thermal tropopause accounts for 23% of the total (∆O3 strat =´0.23 DU;
∆O3 trop = ´0.77 DU). Globally, the CH4 positive RF accounts for approximately 50% in magnitude of
the negative O3 RF, so that the two chemically-affected greenhouse gases tend to partially cancel each
other out. The CH4 RF is calculated using the parametric formula of Myhre et al. [62], which expresses
the radiative forcing as a function of the lifetime change (∆τ): CH4-RF(mW¨m´2) = χ-CH4(ppbv) ˆ
0.37 ˆ ∆τ/100 ˆ 1.4, where ∆τ is the VE-REF change and χ is the average tropospheric mixing ratio
(1754 ppbv). An average feedback factor of 1.4 is applied to the tropospheric CH4 mixing ratio to
account for the CH4 adjustment to the tropospheric OH perturbation (Prather et al. 2001) [63], since the
CH4 model prediction is made using a fixed mixing ratio boundary condition at the surface. Sulfate
aerosol and cirrus ice RFs are calculated using the ULAQ-RTM setups described above. The sulfate
aerosols indirect forcing on warm clouds is parameterized using scaling factors with respect to the
direct RF, as recommended in Fuglestvedt et al. [64].

Model calculated REF values of optical depth (at λ = 0.55 µm), CH4 lifetime and O3 column are:
0.038 and 0.11 for sulfate and cirrus ice optical depths, respectively; 8.9 years for the CH4 lifetime;
283.7 DU for the total O3 column. The calculated global CH4 lifetime is comparable to the value
provided in the SPARC multi-model assessment of atmospheric lifetimes, i.e., 8.7 ˘ 1.4 years [65].

The latitudinal behavior of the different components of RF is presented in Figure 15, considering
here only those calculated in the ULAQ-RTM (i.e., all components except CH4, whose globally averaged
value is calculated with a parametric formula as a function of the lifetime change). As discussed above,
the dominant components are the sulfate aerosol direct and indirect effects and the contribution of
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the cirrus clouds response to the climate-dynamical perturbations in the troposphere. The latter is
comparable to the aerosol RF over the tropics, but is much smaller over the subtropics and mid-latitudes.
According to the model, the net RF due to all different components affected by non-explosive volcanic
aerosols (except CH4) has a peak in the tropics close to ´0.6 Wm´2 and another peak in the Northern
Hemisphere mid-latitudes of approximately ´0.3 Wm´2.

Table 3. Globally and annually averaged tropopause RFs (mW¨ m´2) due to volcanic aerosols (direct
and indirect effects) (all sky conditions). RFs are shown as a function of VE-REF perturbations of sulfate
and ice optical depths, CH4 lifetime and O3 column.

Optical Depth
(λ = 0.55 µm)

CH4
Lifetime (%)

O3 Column
(DU)

RF-SW
(mW¨ m´2)

RF-LW
(mW¨ m´2)

RF-NET
(mW¨ m´2)

SO4
2´ direct 5.3 ˆ 10´3 ´105 7.0 ´98

SO4
2´ indirect (warm clouds) ´44 - ´44

Ice (cirrus clouds) ´1.0 ˆ 10´3 9.0 ´90 ´81
CH4 1.1 - 10 10
O3 ´1.0 ´3.0 ´18 ´21

Total RF ´143 ´91 ´234
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Figure 15. Annually and zonally averaged radiative flux changes (VE-REF) at the tropopause (W¨ m´2),
as a function of latitude, including the aerosol direct and indirect effects, cirrus ice changes and indirect
sulfate aerosol effects on O3 via NOx.

4. Conclusions

In the present study, we have used a climate-chemistry-aerosol coupled model to study direct and
indirect radiative-chemical perturbations produced by sulfate aerosols from non-explosive volcanic
emissions, both in the troposphere and lower stratosphere. The ULAQ-CCM has been extensively
evaluated in past and on-going modeling inter-comparison campaigns (SPARC-CCMVal, AeroCom,
SPARC-Photocomp, and SPARC-CCMI). Several important aerosol interactions have been explicitly
considered, namely with solar and planetary radiative transfer, gas species photolysis, heterogeneous
chemistry and upper tropospheric ice crystals formation. An evaluation of model results that are
relevant for these processes has been attempted using satellite or aircraft campaign data for aerosol
products, UT ice, tropospheric NOx, UTLS O3 and ozone column.

Two multi-decadal time-slice runs of a climate-chemistry-aerosol model (using year 2000
atmospheric chemistry conditions) have been designed to study these chemical-radiative effects.
A tropopause mean global net RF = ´0.23 W¨m´2 is calculated (including direct and indirect aerosol
effects) with a 14% increase of the global mean sulfate aerosol optical depth and a 0.07%–0.12% increase
of NO2 and O3 photolysis rates in the tropical mid-lower stratosphere. A 5–15 pptv NOx decrease is
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found in the mid-troposphere subtropics and mid-latitudes and also from pole to pole in the lower
stratosphere, the latter due to an average 5%–15% increase of the aerosol surface area density above the
tropopause up to 25 km altitude. The tropospheric NOx perturbation triggers a column O3 decrease of
0.5–1.5 DU and a 1.1% increase of the CH4 lifetime. The surface cooling induced by solar radiation
scattering by the volcanic aerosols induces a tropospheric stabilization with reduced updraft velocities
that produce ice supersaturation conditions in the upper troposphere. A global mean 0.9% decrease of
the cirrus ice optical depth is calculated with an indirect RF = ´0.08 W¨m´2.

The overall conclusion of this work is that the atmospheric impact of sulfur emissions from
non-explosive volcanoes is significant where the emissions take place (i.e., the tropical mid-lower
troposphere, essentiaflly), mainly because of their larger efficiency in producing sulfate with respect
to anthropogenic or marine sulfur (which is more abundant, but less efficient). This aspect has been
widely covered in previous studies [14]. Here we have also shown how SO2 transport up to the
TTL induces chemical changes in the lower stratosphere, with non-negligible effects on NOx and O3.
The photolysis rates of these species are also perturbed, as a consequence of the increased upward
diffused radiation by the volcanic aerosols. Even more important is the indirect effect of volcanic
aerosols on the formation of ice particles in the upper troposphere. The increased solar radiation
scattering by the aerosols induces a surface cooling (∆T ~´0.1 K); this in turn tends to stabilize
the troposphere with reduced updraft velocities. The upper tropospheric response is such that the
probability for ice supersaturation is lowered, with a net decrease of the model calculated cirrus ice
optical depth. This comes from combined changes of ice crystals number concentration and their size,
produced by decreased vertical velocities and colder temperatures in the upper troposphere.

An assumption made in our study was to keep temperature and winds unchanged in the chemistry
module between VE and REF experiments, in order to avoid masking the direct chemical-radiative
effects of aerosols in the calculation of VE-REF anomalies of the chemical species. This is particularly
important for the rather small ozone anomalies in the lower stratosphere. Accounting for additional
feedbacks of the volcanic aerosols (i.e., temperature and winds) could actually affect the magnitude of
these chemical perturbations. On the other hand, aerosols from non-explosive volcanoes are largely
located in the troposphere and do not produce any stratospheric warming and westerly wind anomaly,
contrary to aerosols from major volcanic eruptions which may significantly affect the stratospheric
Brewer–Dobson circulation. A negative temperature anomaly in the troposphere, however, may limit
the ozone loss [66] and then partially counteract the heterogeneous chemistry impact.
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Appendix

A brief summary of the ULAQ-CCM formulation is given in this appendix.

Appendix 1. Dynamics

A quasi-geostrophic set of spectral truncated equations is used (T21–L126, Phillips version).
The non-adiabatic term Q “ ´ 1

ρcp

dFpzq
dz in the thermodynamic equation contains heating rates

(shortwave and longwave) from O3, O2, NO2, H2O, SO2, aerosols, and ice in the shortwave, and O3,
H2O, CO2, N2O, CH4, aerosols, and ice in the longwave. F(z) are the altitude dependent radiative fluxes
calculated using the radiative transfer module (ULAQ-RTM) and used to calculate the tropopause RF
(with stratospheric temperature adjustment).
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Appendix 2. Transport

The continuity equations are expressed in explicit Eulerian flux form, with the net production
term P including full chemistry for the gas species. For sulfate aerosols, the net production P contains
terms for gas–particle conversion (SO2 Ñ SO4

2´) and microphysical processes (homogeneous and
heterogeneous nucleation, coagulation, condensation/evaporation, and gravitational sedimentation),
to allow explicit prediction of the aerosol size distribution [47,67]. The net production term in the
SO2 equation includes the sulfur emissions (the geographical distribution of non-explosive volcanic
emissions adopted in this study is presented in Figure A1). The mean vertical distribution of the
volcanic SO2 emissions is presented in Figure A2, along with the model calculated steady state change
of the SO2 vertical profile (VE-REF), which results from coupled effects of emissions, OH sink, deep
convective and large-scale vertical ascent.
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Figure A1. Volcanic emissions as used in the model calculations (relative units, global mean
9.6 Tg-S/yr). The size of the red circles denotes the source strength.
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Figure A2. Average vertical profile of SO2 volcanic emissions as used in the model calculations (red
bars, upper scale, units kg-S¨ km´3¨ yr´1, global mean 9.6 Tg-S/yr) and calculated VE-REF anomalies
of mean tropical and global SO2 vertical profiles, with solid and dashed black lines, respectively (lower
scale, pptv). The tropical mean is between 20S and 20N latitude.
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Appendix 3. Radiation

Aerosol Mie scattering properties are computed with a code using the Lorenz–Mie theory for
a lognormal distribution of homogeneous spherical particles. Input data are the effective radius and
dispersion of a reference lognormal distribution for each aerosol family and the complex refraction
indices from the OPAC database in the UV-VIS-IR region up to λ = 30 µm. The output of the Mie code
includes scattering and extinction efficiencies (Qscatt and Qext) as well as the asymmetry parameter (g),
all as a function of wavelength for each aerosol family.

The main aerosol input to the ULAQ-RTM are the optical depth fields ∆τ(λ,x,y,z,t) (scattering
and absorption) and the asymmetry parameter (g) for each aerosol species on a global
longitude–latitude–altitude grid. Radiative transfer computations are performed according to a two
streams, delta-Eddington formulation for the solar part and by integration of Planck functions for the
planetary longwave radiation.

Appendix 4. Sulfate Aerosols

At any grid point the following quantities are defined for sulfate aerosols.
n(ri) = aerosol number density at radius ri (i = 1 to N, from 0.4 nm to 20 µm).
SAD “

řN
i“1 4πr2

i n priq (surface area density).
χext pλ, zq “

řN
i“1 πr2

i Qext
i pλq npri, zq (extinction due to scattering and absorption)

χscatt pλ, zq “
řN

i“1 πr2
i Qscatt

i pλq n pri, zq (extinction due to scattering only)

SSA pλ, zq “ χscattpλ,zq
χextpλ,zq (single scattering albedo)

τext pλ, zq “ χext pλ, zq ¨ zj (j = 1 to NLEV) (AOD due to scattering and absorption, at layer j)
τscatt pλ, zq “ χscatt pλ, zq ¨ zj (j = 1 to NLEV) (AOD due to scattering only, at layer j)

Appendix 5. Cirrus Ice (via Homogeneous Freezing)

At any grid point, the following quantities are defined for cirrus ice particles formed via
homogeneous freezing.

NHOM9 w3{2n´1{2
sat PHOM (nsat = [H2O] at ice supersaturation; PHOM = probability that RHICE > 1.5)

w “ w` 0.7
?

TKE (see Lohmann et al. [68]; w = large scale vertical velocity; TKE = turbulent
kinetic energy)

rHOM = f(T,NHOM) (see Karcher and Lohmann [22])
SAD, χ, ∆τ are calculated for ice as for the aerosols, with NHOM and rHOM instead of n(ri) and ri.
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